The stratospheric CO2 oxygen isotope budget is thought to be governed primarily by the O( 1 D)؉CO2 isotope exchange reaction. However, there is increasing evidence that other important physical processes may be occurring that standard isotopic tools have been unable to identify. Measuring the distribution of the exceedingly rare CO2 isotopologue 16 17 O isotopologues to be used as tracers for gross biosphere productivity (4, 5), but the stratospheric CO 2 photochemical system is still underconstrained, and our understanding of it is incomplete.
The stratospheric CO2 oxygen isotope budget is thought to be governed primarily by the O( 1 D)؉CO2 isotope exchange reaction. However, there is increasing evidence that other important physical processes may be occurring that standard isotopic tools have been unable to identify. Measuring the distribution of the exceedingly rare CO2 isotopologue 16 O 13 C 18 O, in concert with 18 O and 17 O abundances, provides sensitivities to these additional processes and, thus, is a valuable test of current models. We identify a large and unexpected meridional variation in stratospheric 16 O 13 C 18 O, observed as proportions in the polar vortex that are higher than in any naturally derived CO2 sample to date. We show, through photochemical experiments, that lower 16 O 13 C 18 O proportions observed in the midlatitudes are determined primarily by the O( 1 D)؉CO2 isotope exchange reaction, which promotes a stochastic isotopologue distribution. In contrast, higher 16 O 13 C 18 O proportions in the polar vortex show correlations with long-lived stratospheric tracer and bulk isotope abundances opposite to those observed at midlatitudes and, thus, opposite to those easily explained by O( 1 D)؉CO2. We believe the most plausible explanation for this meridional variation is either an unrecognized isotopic fractionation associated with the mesospheric photochemistry of CO2 or temperature-dependent isotopic exchange on polar stratospheric clouds. Unraveling the ultimate source of stratospheric 16 O 13 C 18 O enrichments may impose additional isotopic constraints on biosphere-atmosphere carbon exchange, biosphere productivity, and their respective responses to climate change.
clumped isotopes ͉ CO2 ͉ mesosphere ͉ polar vortex ͉ stratosphere P redicting future CO 2 concentrations and carbon cycleclimate feedbacks depends on accurately quantifying the contributions from the sources and sinks governing the global carbon budget and how they may change over time. The bulk stable isotope composition of CO 2 (i.e., its 13 C/ 12 C, 18 O/ 16 O and 17 O/ 16 O ratios) plays an important role in constraining this budget (ref. 1 and references therein). In the stratosphere, the oxygen isotopic composition of CO 2 is thought to be modified by oxygen isotope exchange reactions with O( 1 D) generated by ozone photolysis (2) , whereas in the troposphere it is controlled by isotope exchange reactions with liquid water in the oceans, soils, and plant leaves (3) . The interplay between stratospheric and tropospheric isotope exchange reactions, in principle, could allow the relative abundances of 12 17 O isotopologues to be used as tracers for gross biosphere productivity (4, 5) , but the stratospheric CO 2 photochemical system is still underconstrained, and our understanding of it is incomplete.
Discrepancies between laboratory and stratospheric measurements (6 -8) have prompted questions about whether the O( 1 D)ϩCO 2 isotope exchange reaction acts alone on stratospheric CO 2 or whether other photochemical (9) or dynamical (10) processes significantly affect the stable isotopologue distribution in CO 2 . Stratospheric oxygen isotope covariations in CO 2 (8, 11, 12) consistently differ from those found in laboratory experiments simulating stratospheric photochemistry (6, (13) (14) (15) (16) Table 1 ). The stratospheric samples display ⌬ 47 values both higher and more variable than those exhibited by tropospheric air at the surface, which has an average ⌬ 47 value of 0.92 Ϯ 0.01‰ in remote regions (Cape Grim, Tasmania and Barrow, Alaska) (18) . The high-latitude (Ͼ57°N) stratospheric samples, in particular, are significantly more enriched in ⌬ 47 than any material analyzed before in nature (see Fig. 1 and refs. 18 and 20) . At high latitudes, ⌬ 47 varies strongly and increases monotonically with decreasing mixing ratios of long-lived trace gases that have tropospheric sources and stratospheric sinks, such as N 2 O and CH 4 . At midlatitudes, ⌬ 47 varies relatively little and shows correlations with trace-gas mixing ratios having the opposite sign of those observed at high latitudes [e.g., Fig. 2A ; see supporting information (SI)]. Using the correlation between simultaneously measured N 2 O mixing ratios and potential tem-perature (22), we found that the high-latitude samples were collected in either inner polar vortex air (3 samples) or vortex edge air (1 sample). Thus, differences in the sign and magnitude of ⌬ 47 variations with N 2 O mixing ratio in the 2 subsets of samples are presumably due to differences between vortex and nonvortex processes. In contrast to these ⌬ 47 trends, covariations of ⌬ 17 O with ␦ 18 O and mixing ratios of long-lived trace gases for our midlatitude samples resemble those of our polar vortex samples (or show the expected differences for slightly shorterlived tracers, e.g., CFC-11) and also those reported in earlier studies of high-latitude (10, 11) They were performed in an excess of helium to probe a stratospherically relevant range of collision energies (see SI) because the reaction dynamics are sensitive to reactant collision energies (25) . Second, we performed continuous irradiation experiments, using a mercury lamp, on mixtures of isotopically unlabeled O 2 , O 3 , and CO 2 as a function of different irradiation times to determine the cumulative effects of the O 2 /O 3 /CO 2 photochemical system on ⌬ 47 .
In 18 O-labeled experiments at 300 K and 229 K and a comprehensive kinetics model of the pulsed photolysis experiment, we calculate a 13 C/ 12 C KIE of 0.999 Ϯ 0.001 (2 est.), which is not significantly different from the KIE of 1.000 expected for statistical isotope exchange branching fractions and is quantitatively consistent with the results from the continuous irradiation experiments. Hence, our results are consistent with previous studies asserting that the O( 1 D)ϩCO 2 isotope exchange products are partitioned statistically (14, 16, 25) . In contrast, a 13 C/ 12 C KIE of Ϸ1.01 would be required to explain the high-latitude isotopic correlations shown in Fig. 2 B and C (see SI).
It is possible that the measured KIEs depend on reactant collision energies, which can have a nonthermal distribution in the stratosphere (26) . Previous work has shown that the O( 1 D)ϩCO 2 isotope exchange reaction occurs through 2 reaction channels whose branching ratio varies with collision energy (25) :
Under typical stratospheric conditions, the channel shown as Reaction 3a dominates. However, the contribution from the nonquenching isotope exchange channel, shown as Reaction 3b, increases significantly with reactant collision energy (25) . Because the KIEs for the channels shown as Reactions 3a and 3b may differ, both between the 2 channels and as a function of collision energy (27) , the overall KIE in the lab or atmosphere may also depend on these parameters. High-collision-energy (no buffer gas) experiments, which tip the 3a/3b branching ratio toward the reaction shown as Reaction 3b, were performed to test this hypothesis. Similar to the low-collision-energy experiments described above, these experiments also showed depletions in ⌬ 47 as the extent of photochemical isotope exchange increased, with no significant change in the ⌬ 47 vs. ⌬␦ 18 O trend (see SI). This indicates that the KIE we report is relatively insensitive to the 3a/3b branching ratio. Still, more experimental studies will be required to quantify these channel-specific KIEs. (30) , elevating the proportion of heavy oxygen isotopes in O( 1 D). The uncertainty bounds reported here reflect spatial and temporal variations in O( 1 D) isotope composition expected to be caused by variations in ozone concentrations, temperature, pressure, actinic flux, and various mass-dependent kinetic and photolytic isotope effects that depend on these variables.
Having experimentally excluded intrinsic isotope effects in the O( 1 D)ϩCO 2 isotope exchange reaction as the source of high stratospheric ⌬ 47 in polar vortex air, we consider the possible effects of other gas-phase stratospheric processes on the CO 2 isotopologue budget. CO is produced in the stratosphere by CH 4 oxidation and destroyed with an e-folding time of Ϸ2-3 months by reaction with OH radicals to form CO 2 . We estimate that up to 0.9 ppmv CO 2 could be derived from CH 4 oxidation in our samples based on the difference between the observed CH 4 concentrations (Table 1 ) and the average CH 4 concentration in air entering the stratosphere from the troposphere (1.7 ppmv). 12 (34) . Ultimately, however, the size of ⌬ 47 values in the up to 0.9 ppmv CO 2 derived from CH 4 
Stratospheric mixing of 2 or more reservoirs of isotopically distinct CO 2 could also produce higher ⌬ 47 values in the resulting mixtures because mixing 2 isotopically distinct CO 2 reservoirs can produce nonstochastic abundances of multiply-substituted isotopologues. This nonlinear dependence of ⌬ 47 on mixing arises because the reference against which the measured 47 CO 2 / 44 CO 2 ratio is compared (i.e., the mixture's stochastic distribution) is not constant upon mixing; this reference is defined by, and therefore varies with, the bulk stable isotope ratios of that mixture. In contrast, the references used in bulk stable isotope measurements are external standards whose values are constant (e.g., VSMOW), so the bulk isotope ratios vary linearly with mixing (see SI). The degree of nonlinearity in ⌬ 47 is a function of the differences in bulk isotopic composition between the mixing end-member reservoirs and their mixing fractions (17, 19) . We calculate that bulk isotope compositions of the 2 CO 2 reservoirs must differ in ␦ 18 O and/or ␦ 13 C by orders of magnitude not previously observed in the stratosphere to generate ⌬ 47 enrichments of Ϸ0.7‰ observed in polar vortex samples.
Effects of Mesospheric and Heterogeneous Chemistry
Physical or chemical processes in the mesosphere may yield extreme isotopic enrichments in CO 2 or CO such that subsidence of mesospheric air into the 1999/2000 stratospheric polar vortex (36) could explain the observed meridional variation in ⌬ 47 . Here, we consider 3 mesospheric processes that have been previously studied in other contexts: Gravitational separation of upper atmospheric air, UV photolysis of O 2 , and UV photolysis of CO 2 . Gravitational separation can concentrate heavy isotopologues of CO 2 into the lower mesosphere (37) , but the isotopic enrichments we calculate, based on the expression reported by Craig et al. (38) , are insufficient to generate significant ⌬ 47 changes (see SI). Alternatively, isotope effects in the photolysis of O 2 by short-wavelength UV radiation in the upper mesosphere might lead to unusually enriched CO 2 . Liang et al. (24) predicted recently that differences in photolysis cross-sections between light and heavy isotopologues of O 2 in the narrow solar Lyman-␣ region (121.6 nm) may result in a population of mesospheric O( 1 D) enormously enriched in 17 In principle, measurements of the isotopic composition of mesospheric CO should constrain the isotopic composition of mesospheric CO 2 downwelling into the polar vortex. Large elevations in CO above background stratospheric levels, observed at high altitudes in the polar vortex (36) , are due to CO 2 photolysis in the mesosphere and subsequent transport to the stratosphere, so the isotopic composition of CO in these cases should reflect that of the mesospheric CO 2 population and any fractionations arising from CO 2 photolysis there. The bulk isotopic composition in mesospheric CO 2 predicted by our 3-component mixing model (e.g., tens of percentage in 18 O-atom abundance, or 100 times natural abundance) would result in isotopic enrichments in mesospheric CO that are detectable with remote-sensing spectrometers because CO 2 photolysis isotope effects are expected to be much smaller in magnitude. For example, Bhattacharya et al. (9) measured fractionations of Ϸ100‰ in 17 O and 18 O in their UV-photolysis experiments; CO 2 -photolysis fractionation in the mesosphere could be larger, but the wavelength dependence of these across the actinic spectrum is difficult to estimate because the physical origin of the laboratory fractionations is not understood (see SI). Remotesensing measurements by the Jet Propulsion Laboratory MkIV Fourier-transform spectrometer, however, does not show hundredfold enrichments in 18 O of mesospheric CO observed downwelling to 30-km altitude in the polar vortex (G. C. Toon, personal communication). On the basis of this observation, mesospheric CO 2 does not appear to possess oxygen isotopic enrichments of sufficient size to produce high ⌬ 47 values in the polar vortex upon mixing with stratospheric air masses, although the long path length and consequent averaging over mesospheric filaments and background stratospheric air of the MkIV instrument will dilute any mesospheric signal. Additional remote sensing of CO and/or CO 2 isotopologue abundances in the mesosphere is thus needed to constrain this hypothesis.
Once in the stratosphere, mesospheric CO will be oxidized by OH to produce CO 2 in the polar vortex. Oxidation of this CO could, in principle, contribute to the large polar vortex values of ⌬ 47 in CO 2 observed because: (i) CO mixing ratios as large as 10 ppmv have been observed (36) in mesospheric filaments in the stratosphere (a thousandfold higher than background stratospheric CO abundances in the polar vortex), (ii) the known KIEs for the COϩOH reaction (33, 34) are expected to favor formation of 13 
Finally, we consider the potential role stratospheric particles could play in the stratospheric CO 2 isotopic budget. Oxygen isotope exchange on particle surfaces could drive the population of CO 2 toward isotopic equilibrium by catalyzing CO 2 -CO 2 isotope exchange reactions (e.g., 16 O) that are too slow to occur in the gas phase under stratospheric conditions. Zero-point energy isotope effects dominate in these reactions at equilibrium, driving the ⌬ 47 value toward its equilibrium value at a given temperature. We calculate that ⌬ 47 adopts a value of 1.6‰ if 70% of the CO 2 molecules achieve isotopic equilibrium at temperatures coincident with PSC formation, Ϸ190 K (39), which occurs primarily in the polar vortex. Thus, in principle, particle-catalyzed equilibration of CO 2 , perhaps via CO 2 hydration reactions in quasiliquid films at the surface of ice particles (40), could produce the observed polar vortex ⌬ 47 values. Bulk isotopic compositions would be little affected by these isotope exchange reactions, consistent with the data presented in Table 1 and Fig. 2 , if the catalyst reservoir (e.g., liquid water layers on a surface) is much smaller than the CO 2 reservoir; CO 2 would impart its bulk isotopic composition on the catalyst, whereas the multiply-substituted isotopologue distribution in CO 2 , which is insensitive to the isotopic composition of the catalyst, approaches that at isotopic equilibrium. However, CO 2 -liquid water isotope exchange may not occur quickly enough at low temperatures and low pH to be the relevant process. Experiments measuring the rate of CO 2 isotope exchange reactions at laboratory PSC-and sulfuric acid-air interfaces should determine the plausibility of this mechanism. Last, we note that, in order for this PSC-catalyzed isotope-exchange mechanism to explain the polar vortex ⌬ 47 measurements, the mechanism must result in a strong anticorrelation with N 2 O mixing ratios ( Fig. 2 A) ; this would imply that transport is fast compared with isotope exchange on the PSCs, whose distributions are highly variable in space and time in the polar vortex. Future 2D modeling efforts will examine whether such a mechanism remains consistent with the observations or whether transport and mixing of a mesospheric isotope signal into the polar vortex better explains the observed anticorrelation of ⌬ 47 with N 2 O.
Conclusions
The signature of a new process preserved in stratospheric 16 O 13 C 18 O proportions reveals that a second mechanism, in addition to the O( 1 D)ϩCO 2 isotope exchange reaction, alters the isotopic composition of stratospheric CO 2 and thus the interpretation of its chemical and transport ''history.'' This second mechanism, which elevates ⌬ 47 values in the polar vortex, is likely of either mesospheric photochemical or heterogeneous origin. To constrain further the role of each of these mechanisms, isotopic fractionations due to broadband UV photolysis of O 2 and CO 2 , the KIEs of the COϩOH reaction under stratospheric conditions, and the kinetics of CO 2 isotope equilibration on the surfaces of PSCs and other stratospheric aerosols need to be studied experimentally. Additionally, kinetic and photolysisinduced isotope effects that may affect CO and CO 2 should be incorporated into atmospheric models to quantify their contributions to both the bulk and multiply-substituted isotopologue budgets of stratospheric CO 2 , whose influence on the isotopologue budgets of tropospheric CO 2 may be significant.
Materials and Methods
Air Sampling. SOLVE mission samples (January-March 2000, 29 -79°N, 11-20 km) were collected as whole air samples (WAS) (41) . CO 2 was then isolated from the Ϸ5-L STP of air by a combination of liquid N 2 and ethanol-dry ice traps, then separated into aliquots of 12-18 mol of CO2 each and sealed into glass ampoules. Balloon samples were collected by using a cryogenic whole-air sampler (CWAS) (September 29, 2004; 34.5°N, 103.6°W, 27-33 km) (42, 43) (44) . Aliquots of the same CO2 samples were analyzed for ⌬47 by using a Finnigan MAT 253 IRMS at the California Institute of Technology configured to collect masses 44 -49, inclusive, and standardized by comparison with CO2 gases of known bulk isotopic composition that had been heated for 2 h at 1,000°C to achieve a stochastic isotopic distribution (17) . Masses 48 and 49 were used to detect residual hydrocarbon contamination. For ⌬47 analysis, 12-to 18-mol aliquots of SOLVE mission and Balloon CO2 samples were purified of potential contaminants, such as hydrocarbons, by a pentaneliquid N2 slush (Ϫ120°C) as well as by passing them through a gas chromatographic (GC) column (Supleco Qplot, 530-m i.d., 30-m length) at Ϫ20°C, with column baking at 150°C between samples (19, 45) . All data were corrected for the presence of N2O by using the method described previously (19) . Each measurement consisted of 5-9 acquisitions (of 10 measurement cycles each), with typical standard deviations (acquisition-to-acquisition) of 0.06‰ in ⌬47.
No evidence for organic contaminants was found when 1 representative CO2 sample [20000131 (30) 1001] was tested (see SI).
Pulsed Photolysis Experiments. 18 O-labeled experiments were initiated with pulsed excimer laser photolysis (193 nm, 50-to 100-mJ pulse Ϫ1 , 1-Hz repetition rate, Ͻ200 pulses) of Ϸ1:100:3,000 static mixtures (100-Torr total pressure) of 97% N2 18 O/CO2/He. For the 300 K experiments, a 15-cm-long stainless steel conflat chamber with quartz windows was used as a reaction chamber. Low-temperature experiments were performed in a 25-cm-long quartz chamber. O( 1 D) was produced by excimer laser photolysis of N2 18 O at 193 nm (50-to 100-mJ pulse Ϫ1 ). By using the absorption cross-section for N2O at 193 nm (9 ϫ 10 Ϫ20 cm 2 ) (46) and a O( 1 D) quantum yield of 1, the total fraction of the CO2 reservoir undergoing reaction was calculated to be Ͻ0.05%; we expect that reaction cycling was negligible. N2 18 O was synthesized from the acidcatalyzed reduction of 18 O-labeled aqueous NaNO2 (47), and its purity was assessed by using mass spectrometry and Fourier-transform infrared spectrometry.
Starting samples of CO2 contained a stochastic distribution of isotopologues, generated in the manner described in the isotopic analysis section. The CO2 isotopologue distribution was measured, and CO2 was recollected cryogenically for use in the reaction chamber. The reaction chambers were baked overnight under vacuum before each experiment. Residence time in the reaction chamber had a negligible effect on ⌬47 in the 300 K experiments, whereas the chamber cooling process was observed to enrich the starting material in ␦ 18 O and ⌬47, by 0.5‰ and 0.13‰, respectively. These offset values were subtracted from final ␦ 18 O and ⌬47 values in 229 K experiments.
The reaction products were recollected cryogenically and purified in 2 GC steps. Separation of residual N2 18 O and reacted CO2 was achieved through a packed-column GC separation at 25°C (PoraPak Q, 0.25 in o.d., 15-ft length, 30-mL min Ϫ1 He flow), after which the samples were purified with a capillary GC as described above. Because of the presence of N2 18 O isobars with CO2 at masses 46 -49, mass 14 was also monitored to measure the extent of N2 18 O contamination. Differences in mass 14 between the starting and product material of Ͼ5 mV (a variation typical of ''clean'' laboratory standards) were deemed contaminated and the data points rejected.
The difference between the initial and final ␦ 18 O (⌬␦ 18 O) and ⌬47 compositions was calculated assuming that ␦ 13 C was unchanged, because there was no external carbon reservoir in the reaction. GC separation of N2 18 O and CO2 yielded a small, yet reproducible, ⌬47 change of ϩ0.13‰, which was present both when gases of stochastic isotope composition were analyzed and when aliquots of cylinder CO2 working standard (⌬47 ϭ 0.86‰) were analyzed. The source of this offset is likely a small amount of fractionation on the GC column, because it was relatively constant between experiments. Nevertheless, because of the apparent insensitivity of the ⌬47 change to initial isotopic com-position, the sample purification step was treated as a small additive effect on the measured ⌬47, with no effect on the overall kinetics measured.
A comprehensive, isotopologue-specific kinetics model of the O( 1 D)-CO2 photochemical experiment (144 isotope exchange reactions) was constructed in FACSIMILE. Statistical partitioning of isotope exchange products was used, as suggested by Yung (2) were used: Reactant O( 1 D) atoms had a 2/3 probability of isotope exchange, regardless of the isotope exchange reaction. The isotopic composition of the initial O( 1 D) was treated as a constant; for these 18 O-labeled experiments, 17 O and 16 O abundances were assumed to be negligible. Our determination of the 13 C/ 12 C KIE from this model also included a correction for the contribution of 17 Troposphere-Stratosphere-Mesosphere Mixing Model. The model contained 4 adjustable parameters to fit each high-latitude datum individually: mixing fractions and ␦ 18 O values of stratospheric air and mesospheric air. Tropospheric isotopic compositions were fixed at typical clean surface troposphere values (␦ 13 Ctrop ϭ Ϫ8‰, ␦ 18 Otrop ϭ 41‰, ␦ 17 Otrop ϭ 21‰, and ⌬47trop ϭ 0.92‰). We assumed oxygen isotope exchange was the dominant nonvortex process affecting CO 2 isotopologue distributions in the stratosphere, so the initial stratospheric mixing end-member composition was ␦ 13 Cstrat ϭ Ϫ8‰, ⌬ 17 Ostrat ϭ 80.6‰, ␦ 18 Ostrat ϭ 98.0‰, and ⌬47strat ϭ 0. Because of the uncertainty in our calculated ⌬ 17 Ostrat and ␦ 18 Ostrat values, however, ␦ 18 Ostrat was allowed to vary freely about our estimate above, and the modeled ␦ 18 Ostrat values generally fell within that range (see SI). The mesospheric CO 2 mixing endmember had an isotopic composition constrained by the calculations of Liang et al., namely ␦ 17 Omeso ϭ 0.3 ϫ ␦ 18 Omeso. The multiply-substituted isotope distribution was fixed at ⌬ 47meso ϭ 0 for this simple mixing-only scenario because our kinetics experiments and the midlatitude stratosphere ⌬ 47 values indicate that isotope exchange drives the isotopologue distribution toward a stochastic one. No measurements of mesospheric ␦ 13 C exist, so ␦ 13 Cmeso ϭ Ϫ8‰ was used; however, the calculated enrichment in mesospheric ␦ 18 O was insensitive to the choice of ␦ 13 C.
